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S1: Model Approach 
 

Governing equations 

We use a finite element code to solve the equations of mass, momentum, and energy 

conservation branched from MILAMIN (Dabrowski et al., 2008). The model includes a dynamic 

topography by using a stress-free surface (Andrés-Martinez et al., 2015), and has previously been used 

to investigate geological problems such as melting and serpentinisation (Ros et al., 2017), feedback 

from surface processes (i.e., erosion and sedimentation) on the architecture and evolution of passive 

margins (Andrés‐Martínez et al., 2019), and sedimentation and unconformity patterns at continental 

margins during rifting and breakup (Pérez‐Gussinyé et al., 2020). Deformation and pressure are 

calculated by solving Stokes force-balance equation: 

 𝛻 ⋅ 𝜏 − ∇P + 𝜌𝑔 = 0 (S1) 

where  𝜏  is deviatoric stress, P the total pressure, 𝜌	 the density and g the gravitational 

acceleration, and mass conservation equation: 

 𝛻 ⋅ 𝑣 = 0 (S2) 

where 𝑣 is velocity. Temperature is estimated by solving the energy conservation equation:  

 𝜌𝐶! ⋅
𝐷𝑇
𝐷𝑡 = 𝛻 ⋅ (𝑘𝛻𝑇) + 𝐻" + 𝐻# (S3) 

where CP is the effective heat capacity, T is the temperature, t is the time, k is the thermal conductivity, 

H0 is the crustal radioactive heat production, and 𝐻#	is the shear heating production that depends on 



stress and strain rate. To consider the cooling effects of seawater circulation, we increase the thermal 

conductivity, k, in the areas where faults and fractures are assumed to bring water into the basement:  

 𝑘 = 	 6𝑁𝑢 ∙ 𝑘"									𝑍 < 6	𝑘𝑚	𝑎𝑛𝑑	𝑇 < 600	º𝐶
𝑘"																				𝑍 ≥ 6	𝑘𝑚	𝑜𝑟		𝑇 ≥ 600	º𝐶  (S4) 

where Z is the depth below seafloor and T is temperature,  𝑁𝑢 is a dimensionless quantity, which we 

assume to take the value of 8 in our reference model, and k0 is the base thermal conductivity. 

Rock Rheology models 

Visco-elasto-plastic rheology is achieved by adopting an additive decomposition of the 

deviatoric strain rate into elastic, viscous, and plastic components. The relation between shear stress 𝜏 

and effective viscosity	𝜂$%% described as: 

 𝜏 = 𝜂$%% ∙ 2𝜀̇ (S5) 

where 𝜀 ̇the deviatoric strain rate.  

The Drucker-Prager yield equation is adopted to evaluate whether the material deforms 

plastically or visco-elastically. Plastic deformation dominates the model when the second invariant of 

deviatoric stress 𝜎&& , is larger than the plastic yield stress	𝜎'($)*, which is defined as: 

 𝜎'($)* 	= 𝑃	𝑠𝑖𝑛𝜑 + 𝐶	𝑐𝑜𝑠𝜑 (S6) 

where C is the cohesion of the rocks and 𝜑 is the friction angle. To include plasticity into the 

viscous formulation, the effective viscosity 𝜂$%% of yielding material is defined as:  

 𝜂$%% 	=
𝜎'($)*
2𝜀+̇+

 (S7) 



where 𝜀+̇+ 	is the square root of the second invariant of strain rate.  When 𝜎&&  < 𝜎'($)* , the 

material behaves visco-elastically, and we describe effective viscosity 𝜂$%% as:  
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(S8) 

where 𝜂*(, is the dislocation creep viscosity,  𝜂*(% is the diffusion creep viscosity, µ is the shear 

modulus and ∆𝑡  is the numerical time step. The creep flow is described by nonlinear power-law 

temperature- and stress-dependent rheologies as: 
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(S9) 

where B is the pre-exponential factor of the flow law, n is the power-law exponent, E is the 

activation energy, V is the activation volume, R is the gas constant, and T is the absolute temperature.   

Weakening mechanisms  

Both plastic and viscous strain softening are introduced to help localize deformation.  The 

friction angle of 30o (friction coefficient of 0.577) is linearly reduced to 15o (friction coefficient of 

0.268) with the accumulated plastic strain increased from 0 to 1. When increasing the viscous 

accumulated strain from 0 to 1, the pre-exponential factor B of the dislocation creep law (Eq. S8) 

linearly increases from 1 to 30.  The abundance of serpentine in the major fault zones (Blackman et 

al., 2002) indicates that it has a lower mechanical strength than unaltered ultramafic rocks. This view 

is consistent with laboratory experiments on serpentine gouges (Escartin et al., 2001; Tesei et al., 2018). 



To mimic the effect of serpentinization-induced weakening, the friction angle was further decreased 

linearly from 15 degrees to 5 degrees with Dserp	· 𝜀1	increasing from 0 to 0.1(Fig. S1c).  

Surface process 

The erosion- sedimentation process is achieved by assuming that the rate of surface elevation 

change is equal to the sediment flux plus a source term (e.g., Olive et al., 2014; Anders-Martinez et al., 

2019): 

 𝜕ℎ
𝜕𝑡 =

𝜕
𝜕𝑥 (𝐾

𝜕ℎ
𝜕𝑥) + 𝐶# (S10) 

where h is the surface elevation,  K is the diffusivity, x is the horizontal direction and 𝐶# is an additional 

pelagic sediment source.  

K varies depending on whether the surface is above sea-level or not.  When sediments are 

subaerial, K is described as: 

 𝐾 = 𝐾2 + 𝑘𝑎𝑥* (S11) 

where KL is the subaerial diffusion coefficient, a is the coefficient of transport and xd is the 

distance from topographic highs to drainage divide.  

When sediments are in submarine conditions, K is determined as:  

 𝐾 = 𝐾,𝑒(.4!5") (S12) 

where KS is the submarine diffusion coefficient, 𝜆, is the submarine diffusion decay coefficient 

and ℎ7 is the water depth. The surface-process parameters used in the models are shown in Table S1. 

 
 



S2: Model Setup  
 

We consider an initial 150 km wide and 80 km deep model (Fig S1). A half extension rate is 

applied as the velocity boundary condition at the right and left sides of the model. We applied a 

Winkler boundary condition for the bottom boundary, which means that the pressure is equal along 

the model bottom during the model run (Poliakov and Buck, 1998).  This is equivalent to assuming 

that extension of the model box is overlying an inviscid fluid.  

The initial crustal thickness is set to 30 km, supported by seismic data onshore Iberia (Zelt et 

al., 2003). The initial Moho temperature is varied by changing the lower crust radiogenic heat 

production. Pressure-temperature-time (P-T-t) paths of amphibolite from site 1067 ODP drilling 

(Gardien et al., 2001) give a range of temperatures of 550-770 ºC for the pre-rift Moho.  Previous 

studies (e.g. (Buck, 1991; Ros et al., 2017)) showed that with initial Moho temperatures > 650 ºC, flat 

Moho is expected due to the low viscosity of the lower crust, which does not match the unlulatiing 

Moho structure observed in seismic sections (e.g., (Osmundsen and Péron‐Pinvidic, 2018; Pérez‐

Gussinyé et al., 2003)), and that when the initial Moho temperature is low, the model forms a 

symmetric conjugate structure, which is not consistent with observations from North Atlantic rifted 

margins (Fig 1). Here,  following previous modelling studies ((Brune et al., 2014; Liu et al., 2021)), 

we use 600 ºC as the initial Moho temperature, which allows for producing the observed the margin 

structure.   

The rheology of the crust is considered to be one of the important factors controlling rift 

evolution (e.g., (Ros et al., 2017)).  In this paper, we assume that the rheological properties of the crust 

are wet anorthite ((Rybacki and Dresen, 2000) Table S1).  Using wet anorthite instead of wet quartzite 



(Gleason and Tullis, 1995) allows for a certain strength of the lower crust during deformation. The 

main evidence for such a setting is the following: 1) Seismic studies of the Galicia Interior Basin, west 

of Iberia (e.g., Pérez‐Gussinyé et al., 2003), indicating a P-wave velocity in the lower crust of > 6.6 

km/s and therefore suggesting the existence of strong mafic lower crust. 2) A recent work ((Dunkel et 

al., 2021)) reported textures indicative of seismic faulting in lower crustal rocks from the Northern 

Norwegian Caledonides reveal very high stress levels thus suggesting that the lower crust is very strong 

rather than weak during deformation. 3) Studies from the Alpine Tethys system also demonstrate the 

existence of lower crustal gabbros there ((Manatschal et al., 2007)).  4) The work coupling upper 

crustal fault geometry and forward geodynamic modelling (Liu et al., 2022) showed that the observed 

rifted margin structure from the West Iberian margin  can be reproduced only when a strong crust is 

used. 

One can also expect that if a weaker crust (e.g., wet quartzite) is used, the width of the margin 

will be wider compared to the model shown in Figure 2, but this does not really affect the mantle 

exhumation and serpentinization at COTs and development of COTs, where the continental crust has 

already been broken up. 
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Figure S1. Model setup. (a) Model geometry, the Moho temperature is regulated by crustal radiative 

heat. To localize extension at the start of the model, a temperature anomaly of 100 ºC is added to our 

model at Moho depth. This allows the deformation to be localized to several major faults in a relatively 

short numerical time. (b)Two temperature-dependent serpentinization rates follow previous work by 

Emmanuel and Berkowitz., 2006 and Malovision et al., 2012. (c) The model includes plastic strain 

weakening from 30 º to 15º, left panel. In addition, to mimic the effect of serpentinization-induced 

weakening, the friction angle, which had already been reduced by the plastic strain weakening, was 
further reduced linearly from 15º to 5 º, with Dserp	· 𝜀1	increasing from 0 to 0.1. Thus, this effect will 

be larger with an increasing degree of serpentinization.  



 

Figure S2. Modelled H2 production rate with two different temperature-dependent function for 

serpentinization. (a) The H2 production rate with numerical simulation time with kinetic function 

provided by Emmanuel and Berkowitz., 2006.  (b) The H2 production rate with numerical simulation 

time with kinetic function provided by Malvoisin et al., 2012.  The case (b) with the Malvoisin et al., 

2012 kinetic function has an average H2 production rate of ~ 8.3×107 mol/yr per kilometer along the 

rift, which is slightly higher than ~ 7.5×107 mol/yr for case (a), but the difference is small, especially 

compared to the effect of extension rate and hydrothermal cooling (Figure 3). 
 
  



 
Table S1. Model parameters. 

Thermomechanical parameters  

Variable  [unit] Wet 
Anorthite 

 Dry Olivine Wet Olivine 

Dislocation pre-exponential factor log(Bdis) [Pa-n S-1]  -15.4 -15.96 -15.81 
Dislocation exponent ndis 3.0 3.5 3.5 
Dislocation activation energy Edis [kJ/mol] 356 530 480 

Dislocation activation volume Vdis [10-6 m3/mol] - 13 10 

Diffusion pre-exponential factor log(Bdif) [Pa-n S-1]  - -8.16 -8.64 

Diffusion exponent ndif - 1 1 

Diffusion activation energy Edif [kJ/mol] - 375 335 

Diffusion activation volume Vdif [10-6 m3/mol] - 6 4 

Shear Modulus 𝜇 [GPa]  40 74 74 

Thermal conductivity K [Wm-1 K-1] 2.5 3.3 3.3 

Heat capacity CP [J kg -1 K-1] 1200 1200 1200 

Radiogenic heat production Hr [µWm-3] 0.2 0 0 

Bulk density 𝜌 [kg m-3] 2850 3300 3300 

Thermal expansivity coefficient 𝛼 [10-5 K-1] 2.4 3.0 3.0 

Initial cohesion (MPa) 10 10 10 

Initial friction angle (o) 30 30 30 
Surface process parameters 

Subaerial hillslope diffusion, KL  [m2/year] 0.25 
Subaerial discharge transport coefficient 𝛼  5 · 10-4 
Submarine diffusion coefficient, Ks [m2/year] 102 
Submarine diffusion coefficient decay, 𝜆!	[m-1] 5 · 10-4 
Pelagic sediment rate, CS [m/year] 10-5 
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