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S1 Global Salt Basin Stratigraphy 

 

Figure S1.1: Compilation of stratigraphic columns from the largest and most well-known late syn-rift salt 

basins showing the presence of early and mid-late post-salt (pink) carbonates (blues) or carbonate-

dominated sequences of variable thicknesses: (a) Gabon, Lower Congo and Kwanza from West Africa 

(adapted from Pichel et al., 2023), (b) Espirito Santo, Campos and Santos, Brazil (adapted from 

Beglinger et al. 2012),  (c) Morocco, NW Africa (adapted from Tari and Jabbour, 2013), (d)  Nova 



Scotia, Canada (adapted from Deptuck and Kendal, 2017) and Gulf of Mexico, US (adapted from Dice, 

2017). 

S2 Numerical Methods and analysis 

The model solves the force balance equations of equilibrium for quasi‐static incompressible 

flows in two dimensions (Thieulot 2011; Theunissen and Huismans, 2019): 

∇ �𝜇𝜇𝑒𝑒𝑒𝑒𝑒𝑒(∇v + (∇v)𝑇𝑇)� − ∇𝑃𝑃 + 𝜌𝜌𝜌𝜌 = 0 

where 𝑃𝑃 is the pressure, v is the velocity, 𝜇𝜇𝑒𝑒𝑒𝑒𝑒𝑒 the effective viscosity, 𝜌𝜌 the density and 𝑔𝑔 the 

acceleration of gravity. This is coupled with time (t)-dependent heat conservation: 

𝜌𝜌𝑐𝑐𝑝𝑝
𝐷𝐷𝐷𝐷
𝐷𝐷𝐷𝐷

= ∇(𝑘𝑘∇𝑇𝑇) + 𝐻𝐻 + 𝑣𝑣𝑧𝑧𝛼𝛼𝑇𝑇𝑔𝑔𝑔𝑔𝑔𝑔 

where 𝑇𝑇 is temperature, 𝑐𝑐𝑝𝑝 is specific heat capacity, 𝑘𝑘 thermal conductivity, and 𝐻𝐻 radiogenic 

heat production. The last term in the heat balance equation is the temperature correction for 

adiabatic heating and cooling when material moves vertically at velocity 𝑣𝑣𝑧𝑧, where 𝛼𝛼𝑇𝑇 represents 

the volumetric thermal expansion coefficient. The mechanical and thermal evolution are coupled 

through nonlinear temperature (T)- and pressure (P)-dependent rheologies, as well as the 

temperature dependence of buoyancy: 

𝜌𝜌 = 𝜌𝜌0�1 − 𝛼𝛼𝑇𝑇(𝑇𝑇 − 𝑇𝑇0)� 

where 𝜌𝜌0 is the reference density at T0, temperature at surface conditions, using the Boussinesq 

approximation, which considers that changes in density (𝜌𝜌) are small enough to approximate the 

conservation of mass by an incompressible flow. 

∇ ∙ v = 0 



When the stress state is below the frictional‐plastic yield stress, the flow is viscous and is defined 

by temperature‐dependent nonlinear power law rheologies based on laboratory measurements on 

“wet” quartz (Gleason & Tullis, 1995) and “wet” olivine (Karato & Wu, 1993). The effective 

viscosity, μeff, in the power law rheology is of the general form: 

𝜇𝜇𝑒𝑒𝑒𝑒𝑒𝑒 = 𝑓𝑓𝐴𝐴−1/𝑛𝑛𝐸̇𝐸2
(1−𝑛𝑛)/2𝑛𝑛e

𝑄𝑄+𝑉𝑉𝑉𝑉
𝑛𝑛𝑛𝑛𝑛𝑛  

where 𝐸̇𝐸2 is the second invariant of the deviatoric strain rate tensor 1
2
�𝜀𝜀𝑖̇𝑖𝑖𝑖𝜀𝜀𝑖̇𝑖𝑖𝑖�, 𝐴𝐴 is the 

preexponential scaling factor, 𝑛𝑛 is the power law exponent, Q is the activation energy, 𝑅𝑅 is the 

universal gas constant, and 𝑉𝑉 is the activation volume. The factor  𝑓𝑓 is used to scale viscosities 

calculated from the reference quartz and olivine flow laws, thereby producing strong and weak 

versions of these materials. Frictional‐plastic yielding is modelled with a pressure‐dependent 

Drucker‐Prager yield criterion which is equivalent to the Coulomb yield criterion for 

incompressible deformation in plane strain. Yielding occurs when: 

𝜎𝜎𝑦𝑦 = �𝐽𝐽2 = 𝐶𝐶𝐶𝐶𝐶𝐶𝐶𝐶�𝜙𝜙𝑒𝑒𝑒𝑒𝑒𝑒� + 𝑃𝑃𝑃𝑃𝑃𝑃𝑃𝑃(𝜙𝜙𝑒𝑒𝑒𝑒𝑒𝑒) 

where 𝐽𝐽2 is the second invariant of the deviatoric stress, C is the cohesion, 𝜙𝜙𝑒𝑒𝑒𝑒𝑒𝑒 is the effective 

internal angle of friction following 𝑃𝑃 ∙ sin�𝜙𝜙𝑒𝑒𝑒𝑒𝑒𝑒� = �𝑃𝑃 − 𝑃𝑃𝑓𝑓� sin(𝜙𝜙) and 𝑃𝑃𝑓𝑓 is the pore fluid 

pressure. This yield criterion approximates frictional sliding in rocks, including pore-fluid pressure 

effects. Frictional-plastic strain softening is introduced by a linear decrease of 𝜙𝜙𝑒𝑒𝑒𝑒𝑒𝑒(𝜀𝜀) from 15° 

to 2° and C(ε) from 20 to 4 MPa with respect to plastic strain (𝜀𝜀); Buck, 1993; Huismans & 

Beaumont, 2002; Lavier et al., 1999, 2000). The plastic strain is updated at every time-step with 

the second invariant of the deviatoric strain. The incompressible plastic flow becomes equivalent 

to a viscous flow if an effective viscosity, 𝜇𝜇𝑒𝑒𝑒𝑒𝑒𝑒
𝑝𝑝 , for a plastic material is defined such that 𝜇𝜇𝑒𝑒𝑒𝑒𝑒𝑒

𝑝𝑝 =

�𝐽𝐽2
�𝐸̇𝐸2

. Setting the viscosity to 𝜇𝜇𝑒𝑒𝑒𝑒𝑒𝑒
𝑝𝑝  in regions that are on frictional‐plastic yield satisfies the yield 



condition and allows the velocity field to be determined from the finite element solution of 

equation (1). The overall nonlinear solution is determined iteratively using 𝜇𝜇 = 𝜇𝜇𝑒𝑒𝑒𝑒𝑒𝑒
𝑝𝑝  (for regions 

of plastic flow) and 𝜇𝜇 = 𝜇𝜇𝑒𝑒𝑒𝑒𝑒𝑒𝑣𝑣  (for regions of viscous flow; Willett, 1992).  

Model Initial Configuration 

The models are designed as an idealized rheologically layered lithosphere above a sublithospheric 

mantle in a 600‐km‐high and 1,200‐km‐wide model domain (Figure A2). The lithosphere consists 

of a 35‐km‐thick crust and 85‐km mantle lithosphere overlying sublithospheric mantle. The 

uppermost 3 km of the crust represents pre-rift sediments with the same rheology as the upper 

crust. The Eulerian grid consists of 2,400 and 290 elements in the horizontal and vertical directions, 

respectively. The distribution of the elements is irregular in the vertical direction, allowing for 

high resolution in the upper crust with a vertical resolution of Δz = 200 m in the first 20 km, Δz = 

625 m between 20 and 70 km, Δz = 1,100 m between 70 and 120 km, and Δz = 7,917 m between 

120 and 600 km. The resolution in the horizontal direction is 500 m for the entire model domain. 

Extensional horizontal velocity boundary conditions (v = ±0.5 cm/year) are applied to the 

lithosphere, and the corresponding exit flux is balanced by a low velocity inflow in the 

sublithospheric mantle. The top of the model is a free surface. The sides and base are vertical and 

horizontal free slip boundaries, respectively (Figure S2.1). All values used for the mechanical and 

thermal parameters are listed in Table S2.2 

Thermal boundary conditions are specified basal temperature, 1,520 °C, and insulated lateral 

boundaries. The initial temperature field is laterally uniform and increases with depth from the 

surface (T0 = 0 °C) to the base of the crust (initial Moho temperature, Tm = 550 °C) with a surface 

heat flux of 55.3 mW/m2. Below the Moho, temperature linearly increases to the base of mantle 

lithosphere (initially at T = 1,328 °C); the temperature of the sublithospheric mantle follows an 



adiabatic gradient (0.4 °C/km). Thermal conductivity linearly increases to 51.46 W·m−1·K−1 at 

1,350 °C (∼125‐km depth), corresponding to scaling the thermal conductivity by the Nusselt 

number of upper mantle convection. The enhanced conductivity maintains a nearly constant heat 

flux to the base of the lithosphere and an adiabatic temperature gradient in the sublithospheric 

mantle (e.g., Pysklywec & Beaumont, 2004).  

Figure S2.1: (a) Model setup showing rheological‐layered structure, boundary conditions, initial thermal 

state, and frictional‐plastic strain softening conditions. The values used for the mechanical and thermal 

parameters are listed in Table S2.2. (b) Schematic diagram illustrating syn-rift aggradation for syn-rift 

sediments (greenish colors), salt (pink-magenta) and post-salt carbonates (blue) in which sediments 

aggrade towards local basement lows. (c) Schematic diagram illustrating post-rift (post-salt) dynamic 

progradation (yellow) in which the depositional profile changes in shape and length through time 

according to the evolving salt topography. 

 



We follow the same approach of Theunissen and Huismans (2019) and apply a white noise in the 

initial strain field (Figure S2.1) that represents mechanical heterogeneity and inheritance of 

deformation from previous tectonic phases. Specifically, the plastic strain (ε) is initialized with 

white noise that has a Gaussian distribution with a mean value set to 0.3 and with a maximum 

value 0.8. Inherited weakness is provided by a tapered symmetrical 400‐km‐wide area in the model 

center. A minor thermal heterogeneity is introduced at the base of the lithosphere in the model 

center in order to enhance rift localization so that the orientation of faults and rift geometries are 

not prescribed and are generated spontaneously (Fig. S2.1). To ensure mass conservation, the 

average pressure at the bottom part of the model is maintained constant by adjusting the influx of 

the sublithospheric mantle at the sides of the model. This allows defining an absolute sea level 

within the model independent from the surface displacement. A water load is implemented based 

on the defined sea-level to guarantee that all mass loads on the free surface are modelled. 



 

Table S2.1: Parameters for the Lithosphere‐Scale Thermo‐Mechanical Models of salt-bearing wide rifted 

margins. Flow laws are based on power law with creep parameters from wet quartz (Gleason & Tullis, 

1995) and wet olivine (Karato & Wu, 1993). Values are given with two digits precision. WQtz = wet quartz; 

WO = wet olivine; LAB = Lithosphere‐Astenosphere Boundary. aDislocation creep models for WQtz. 

bDislocation creep models for WO. Parameters in bold-italic correspond to supplementary models. 

 

Sedimentation 

For the aggradation approach, the area of sediment deposition is maintained constant over an 

infinitesimal length of the model so that the sediment thickness varies according to the evolving 

rift topography. This results in a more realistic scenario where deep and/or narrow grabens will 

present thicker strata than wide and/or shallow grabens (Fig. S2.1). 



For the dynamic progradation, deposition is controlled by specifying a constant sediment flux, 𝑄𝑄𝑠𝑠 

to the basin that is based on a characteristic sediment transport length 𝐿𝐿𝑑𝑑 and sediment flux 𝑄𝑄𝑠𝑠 

following:  

𝑑𝑑𝑜𝑜𝑜𝑜𝑜𝑜𝑜𝑜ℎ𝑜𝑜𝑜𝑜𝑜𝑜 = 𝑄𝑄𝑠𝑠
𝑑𝑑𝑑𝑑
𝐿𝐿𝑑𝑑

 

where 𝑑𝑑𝑜𝑜𝑜𝑜𝑜𝑜𝑜𝑜ℎ𝑜𝑜𝑜𝑜𝑜𝑜 is the sediment discharge per unit width (e.g., Theunissen and Huismans, 2019). 

S3. Theoretical Quantitative Analysis 

We compute the average density of the post-salt sediments including the carbonates and 

compacting clastics as a function of the thickness of the carbonate layer and of clastic sediment 

accumulation, and water load. Clastics have an initial grain density (ρg) of 2650 kg m-3, surface 

porosity (𝑛𝑛0) of 0.52 and compact with depth (z) following: 

𝜌𝜌(𝑧𝑧) =  𝜌𝜌𝑔𝑔 −  �𝜌𝜌𝑔𝑔 −  𝜌𝜌𝑤𝑤�𝑛𝑛0𝑒𝑒−𝑐𝑐𝑐𝑐 

Where ρ is the bulk (average weighted) density of sediments as a function of depth, water content 

and ρw water (pore fluid) density (1000 kg m-3), and c is the compaction coefficient of 4.7 x 10-4 

m-1 (Atty 1930; Jackson and Talbot, 1986; and Goteti et al., 2012). The carbonates have a density 

of of 2400 kg m-3, salt of 2200 kg m-3 and do not compact. Water density is of 1000 kg m-3. Average 

minibasin density can be obtained by integrating 𝑛𝑛(𝑧𝑧) = 𝑛𝑛0𝑒𝑒−𝑐𝑐𝑐𝑐 over the thickness of the clastic 

succession in the minibasin (e.g., Goteti et al., 2012):  

𝜌𝜌𝑎𝑎𝑎𝑎𝑎𝑎(ℎ𝑚𝑚𝑚𝑚) =  𝜌𝜌𝑔𝑔 +
�𝜌𝜌𝑔𝑔 −  𝜌𝜌𝑤𝑤�𝑛𝑛0
𝑐𝑐 ×  ℎ𝑚𝑚𝑚𝑚

∗ (𝑒𝑒−𝑐𝑐∗ℎ𝑚𝑚𝑚𝑚 − 1)   

We consider that water loading leads to an initial compaction at the top of the minibasin controlled 

by the equivalent water depth which is given by:  



hw_eq = hw * ρw /𝜌𝜌𝑠𝑠_𝑎𝑎𝑎𝑎𝑎𝑎𝑎𝑎𝑎𝑎𝑎𝑎𝑎𝑎 

 

Where hw is water-depth and hw_eq is the equivalent burial depth at the surface of the minibasin by 

water loading that can be interpreted as the burial depth by a rock column with average sediment 

density given by 𝜌𝜌𝑠𝑠_𝑎𝑎𝑎𝑎𝑎𝑎𝑎𝑎𝑎𝑎𝑎𝑎𝑎𝑎 = (𝜌𝜌(0) + 𝜌𝜌𝑔𝑔)/2. Average post-salt sediment clastic density including 

initial compaction by water loading is consequently given by: 

𝜌𝜌𝑎𝑎𝑎𝑎𝑎𝑎(ℎ𝑚𝑚𝑚𝑚) =  𝜌𝜌𝑔𝑔 +
�𝜌𝜌𝑔𝑔 −  𝜌𝜌𝑤𝑤�𝑛𝑛0
𝑐𝑐 ×  ℎ𝑚𝑚𝑚𝑚

∗ �𝑒𝑒−𝑐𝑐∗(ℎ𝑚𝑚𝑚𝑚+ℎ𝑤𝑤𝑒𝑒𝑒𝑒) −  𝑒𝑒−𝑐𝑐∗ℎ𝑤𝑤_𝑒𝑒𝑒𝑒�
 

 

Where hmb is the thickness (height) of the clastic compacting sequence in the minibasin. Average 

minibasin density, including carbonates and clastic is consequently:  

𝜌𝜌𝑚𝑚𝑚𝑚_𝑎𝑎𝑎𝑎𝑎𝑎(ℎ𝑚𝑚𝑚𝑚 ,ℎ𝑐𝑐) =  
𝜌𝜌𝑐𝑐 ∗  ℎ𝑐𝑐 + 𝜌𝜌𝑎𝑎𝑎𝑎𝑎𝑎 ∗  ℎ𝑚𝑚𝑚𝑚

ℎ𝑐𝑐 +  ℎ𝑚𝑚𝑚𝑚
 

 
where hc is the thickness of the carbonate layer. 
 
 
 



S4. Supplementary Models  

S4.1 Variable salt viscosity 

 

Figure S4.1: Model Set with variable salt viscosities: (a) SM1 - model with low salt viscosity (1018 Pa s) 

and post-salt carbonates and followed by clastic progradation showing very wide minibasins (three 

minibasins with ~22 km of average width). Minibasins form fast, during the earliest stages of post-salt 

sediment deposition due to the very efficient low-viscosity salt flow and differential sediment loading by 

post-salt carbonates. (b) SM2 - model with intermediate salt viscosity (5 x 1018 Pa s) and post-salt 

carbonates followed by clastic progradation showing six wedge- and bowl-shaped minibasins with an 

average of 9.6 km of width. (c) SM3 – model with very high (5 x 1019 Pa s) and post-salt carbonates 

followed by clastic progradation showing no typical minibasin geometry, apart from very subtle 

depocentres, and mild diapirism, distal salt inflation and folding. 

 



S4.2 High post-salt carbonate cohesion 

 

Figure S4.1: Model Set testing the role of higher post-salt carbonate cohesion (C = 20 MPa) for different 
salt viscosities: low (1018 Pa s), medium (5 x 1018 Pa s), and high (1019 Pa s). (a) SM4 with low salt 
viscosity, (b) SM5 with intermediate salt viscosity and (c) SM6 with high salt viscosity. Note that 
increasing cohesion results in generally fewer, simpler, and wider minibasins for all salt viscosities 
(compare with reference model M1 and SM1-2). 
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